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ABSTRACT

This paper investigates the mechanisms that determinetragrepical tropopause height, extend-
ing previous results with a Newtonian cooling model. A ptiv@ equation model forced by a
meridional gradient of incoming solar radiation, with thetgoing infra-red radiation calculated
using a simple gray radiation scheme, is now used. The teys®is defined as the top of the
boundary layer over which dynamical heat transport moveddmperature away from radiative
equilibrium, and its height estimated from the isentropassiflux. Depending on parameters, this
tropopause may or may not be associated with a sharp stattifichange, and it may or may not
be possible to define a thermal tropopause. The mass flux anddhtropopause display similar
sensitivity to external parameters when the latter can fieebk a sensitivity in good agreement
with predictions by a radiative constraint. In some cornttaghe Newtonian model, the radia-
tive constraint is now quite effective in preventing adinent to marginal criticality with realistic
parameters.

The meridional structure of the thermal tropopause disgogaymp in height at the jet latitude,
which appears to be due to the formation of a mixing barrigéne@jet maximum when baroclinicity
has a finite vertical scale. As meridional potential votyichixing is inhibited across the jet, a
discontinuity is created between weakly stratified air emiairm side and strongly stratified air on
its cool side. The meridional stratification contrast isateel by adiabatic cooling and warming by
the residual circulation, as this circulation must be défliéwertically to avoid the mixing barrier

at the jet maximum.
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1. Introduction

The determination of the tropopause height is one of thedorehtal problems in general cir-
culation theory, with important implications for climatadiclimate change. Although we have a
qualitative understanding of the processes that give oidbd tropopause, we still lack a simple
theory to predict its height. Given the complex and multgiinary nature of the tropopause
determination problem it is perhaps naive to think thahsusimple theory might even exist. Dy-
namical, diabatic and chemical processes are all thoughiatoa role, and indeed there are many
definitionsof the tropopause. Although they are all quantitativelyikinthey differ in details and
even in concept (World Meteorological Organization 1958gHing et al. 1991; Pan et al. 2004,
Kunz et al. 2011). For many chemical species a smooth trans# observed between their char-
acteristic tropospheric and stratospheric values, mimigdhe interpretation of the tropopause as
a finite transition layer rather than as a sharp boundaryKseglistaler et al. (2009) and Gettel-
man et al. (2011) for recent reviews on the tropical and &xtpecal tropopauses). Yet the thermal
tropopause at any given time is often very sharp, sharperttteasmeared Eulerian time average
would indicate (Birner 2006). Given all this complexitynitakes sense to approach this problem
in the simpler context of an idealized model, using simgalifignamics and heating and ignoring
chemical feedbacks. This is our goal with this paper, whidemrds previous results by Zurita-
Gotor and Vallis (2011) (henceforth ZGV).

At a fundamental level, the tropopause may be regarded adegpidr of the boundary layer
(the troposphere) over which the dynamical motions radiste the heat received at the surface.
Held (1982) proposed a minimal conceptual framework foransthnding the determination of
this depth, consisting of a stratosphere in strict radeaéquilibrium matching with continuous
temperature the underlying troposphere, an active layeselmean thermal gradients are shaped
by the dynamical transport. In particular, the verticalthemnsport may be thought of as adjusting
the tropospheric stratification to some characteristioél, stabilizing the lower troposphere and
destabilizing the upper troposphere and leading to a fstation discontinuity at the tropopause.

Held noted that in this minimal representation the tropgeaweightH and the tropospheric strat-
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ification 6, fully determine the net column heating so that there must tedaéion between them:
H = f(8,) when this heating is known (for instance, if we uncouple tbézZontal and vertical
transport problems). He called this relation the radiatiwastraint. As ZGV note, the radiative
constraint is a statement of energy conservation and mwstyalbe satisfied: the vertical ther-
mal structure cannot be fully arbitrary because the netronlheating is constrained to balance
the meridional divergence. However, the idealized corsittn based on the assumptions above
(stratosphere in radiative equilibrium and uniform troposric stratification) is only an approxi-
mation. As a result, the idealized radiative constraint mat/provide an effective constraint on
tropopause height when small changes in the heating leagige thanges in tropopause height.
To close the problem, an additional dynamical constraitwbenH and®, is needed. One plau-
sible possibility is baroclinic adjustment, a geometriastoaint on the isentropic slope based on
neutrality to baroclinic instability (Stone 1978; Held I98see Zurita-Gotor and Lindzen (2007)
for a review. This argument has been recast by Schneidedj2@0an adjustment to marginal crit-
icality, using different assumptions not requiring neliya However, it is controversial whether
this condition is really relevant in the extratropical togphere. Schneider (2004) and Schneider
and Walker (2006) do find strong evidence of adjustment irdealized model forced by Newto-
nian cooling, but the same is not found in models with moréseéaheating (Thuburn and Craig
1997; Frierson et al. 2006). Even in models forced using Nei&h cooling, marginal criticality
adjustment may be observed in some regimes but not in otle@ending on the structure of the
heating or the fluid properties (Zurita-Gotor 2008; JansehFfeerrari 2012). Finally, Zurita-Gotor
and Vallis (2011) note that adjustment to marginal crittgadan only be compatible with turbulent
diffusion closures, which work well in models bounded by a tigid lid (Zurita-Gotor and Vallis
2009), when the tropopause height is essentially detedrbgethe dynamics and unconstrained
by the heating. If, on the contrary, something like the ragikaconstraint is effective, then the
system cannot simultaneously satisfy without additioreagrdes of freedom the independent dy-
namical constraints implied by marginal criticality ane tiurbulent diffusion closure (see section

1 of Zurita-Gotor and Vallis (2011) for a detailed discusstd these points).
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Given its severe idealizations, is the radiative constnaally meaningful? Even the strato-
sphere departs significantly from radiative equilibriutm{#ews et al. 1987) and stratospheric
dynamical heating can be important for tropopause heigmilftirn and Craig 2000). Further, the
finite temperature change across the shallow inversion lalygerved right above the tropopause
(Birner 2006) introduces an additional degree of freedorthenvertical thermal structure even
when the overlying stratosphere is in radiative equilibriuFinally, the assumption of uniform
tropospheric stratification is also clearly an idealizatioret despite all these shortcomings the
radiative constraint seems to work well in a comprehensi@Gvhen parameters are varied
(Thuburn and Craig 1997).

We (ZGV) have recently proposed that the extent to which #lokative constraint is satisfied
or not may depend on the strength of the vertical heat tratispatification adjustment in the
troposphere. When this transport is large, correctionkedeating arising from the violation of
the idealized assumptions in the radiative constraintishmeismall compared to the divergence of
the dynamical transport, and the idealized constructioy peaexpected to work. In contrast, for
small vertical heat transport these corrections may be peritant as the dynamical heating itself,
rendering the idealized construction inaccurate and #sliptions ineffectual. The magnitude of
the required vertical transport to produce any given trppesic stratificatiorf; is a property of
the radiative constraint, and can be estimated prior to anwulation regardless of whether that
constraint is satisfied or not.

To quantify this transport and assess the reliability of thdiative constraint, in ZGV we
proposed to use the sharpness of the stratification jum@dtdpopause, indicative of the impact
of dynamical heating for upper troposphere stratificatidfe refer to this as theghtnessof the
radiative constraint. Another important property of thdiasive constraint introduced in ZGV
Is its steepnesswhich measures the flexibility of tropopause height wheatiication is varied.
Depending on the characteristics of the heating, the rgdiabnstraint may effectively impose a
rigid lid and not let the tropopause move much, or it may beg Ylexible and effect little control

on tropopause height. In the first case the flow can be supeatand an inverse cascade might be
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expected (Zurita-Gotor and Vallis 2009), whereas adjustrtie marginal criticality seems more

likely in the second case when the tropopause height is tesstr@ined by the heating. ZGV also
shows that tightness and steepness are related, so thatlithgve constraint tends to be tight when
it does not let the tropopause move much and vice versa.

ZGV showed that these considerations were relevant for vshagrhaps the simplest model
that can determine its own tropopause: a dry, Boussinegygjtime-equation model on the beta
plane forced by Newtonian relaxation to a Charney-like datate (unbounded jet). Perhaps the
main conclusion of that work was that the dynamics of tropgeaheight determination is pro-
foundly affected by the properties of the radiative constravhich in turn is a function of the
heating formulation. In this paper we extend that previooskwo the more complex and more
realistic case of gray radiation forcing, with the undertygoal of understanding what determines
the tropopause height. Apart from the different forcingduse keep nearly all the other simplifi-
cations made in ZGV, including the neglect of a boundarydagbeme (more crucial for a model
forced from the surface) and the use of a Boussinesq fluid.

The structure of this paper is as follows. Section 2 intreducur model and characterizes its
radiative constraint. Section 3 describes in detail th@atology of the control run, focusing on
its upper troposphere/lower stratosphere region and ostitheture of the tropopause. As we shall
see, the gray radiation model can produce a more realispojprause than the Newtonian model:
the thermal tropopause can be defined for typical paramatetslisplays a break at the latitude
of the jet. Section 4 discusses the sensitivity of tropopdiesght in our model when parameters
are varied and analyzes consistency with the radiativet@nsand marginal criticality. Finally,

section 5 concludes with a short summary and some discusktbase results.

2. Model description

We use a Boussinesq model in a channel, based on the MIT GChlihadlgal core [Marshall

et al. (1997) and http://mitgcm.org/], in a hydrostatictasplane setting, using a linear equation
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of state obtained linearizing the gas law (thermal expansimefficientar = 3.33x 1073 K1,
see ZGV). The dissipative terms include linear friction o&doundary layer with fixed depth, a
sponge damping the eddies near the model top and biharmihisiah. The geometryl(x =
32000 km,Ly = 12500 km,Ht = 40 km) and resolution (128 48 x 80, with a variable vertical
grid) are also the same as in ZGV and diagnostics were olstaveraging the last 300 days from
600— day simulations.

The main difference from ZGV is the choice of the heating folation, for which we use gray

radiation with a standard two-stream scheme:

du
G -u-B (1)
dD
g =B-D ()

whereU andD are the upward and downward infrared radiative flux and thelB'2 geometrical
factor in this expression has been absorbed into the defiatit. The optical depth is defined as

a function of height by the following equation:

o1 {a [exp(—2z/Ha) —exp(—Ht /Ha)] + (1 — a) [exp(—2z/Ht) — exp(—1)] }
s a[l—exp—Hr/Ha)] +(1—a)[1—exp(—1)]

(3)

where 1s is the surface optical deptht has two components: the first one decays with some
‘absorber’ scale heightl; and the second one with the depth of the computational domain.
This latter component was introduced, following Friersbale(2006), to prevent exceedingly long
radiative time scales in the upper atmosphere. The parametentrols the relative importance of
both components and is kept fixed in this study= 0.9).

The boundary conditions that we use are also stand@@): = 0,U (1s) = o T2, whereTsis the
surface temperature. However, we must use a modified veo$ithe Stephan-Boltzmann law to
calculate thermal emission. This is necessary becausestammpe always increases with height in
our Boussinesq model when the fluid is stably stratified (enare and potential temperature are
equivalent in our formulation), which would translate toiaoreasingd(z) when the standard law
is used. Since increasing emission is only possible in teegirce of internal heating, such a model

would never be able to produce a radiative equilibrium sgplhere (convection would reach the
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top). Recognizing that ouF is more akin to potential temperature, we change its radiabtle
and introduce the following 'cooling’ temperature:
Kz
Te=T xexp(——). (4)
Hp
whereH, is a ‘fictitious’ density scale height and= 2/7. T, represents the temperature associated
to potential temperatur@ = T at heightz for a fluid with constant scale height, (note that the

real scale height is infinite in our incompressible modele ¥us calculate thermal emission as:

B=0T}=0T*x exp(—Hi) (5)
C

whereao is the Stefan-Boltzmann constant dfgl= H, /(4K ) is an external parameter in the model.
Note that by introducing a finitel;, we essentially allowl; andB to be decreasing functions of
height, even wheii itself is not.

A final step involves the linearization of the emission law:
B=0T}=0Tt+40T3(Tc—Tm) +... ~ OT3 (4T — 3T) (6)

whereTy, is a (height dependent) reference temperature. This istdaeeuce ambiguity and facil-
itate the interpretation of the results when comparing satmans with very different mean temper-
atures (with the nonlinear law, temperature gradientsed#se as the mean temperature increases,
even when the differential heating does not change). We arsthé reference temperature the

radiative-equilibrium temperature corresponding to sehraracteristic insolatiof = 500 W/n?:

1/4
T {% (1t r>} (7)

With this radiative model, the infrared radiative heatindhe interior is given by

d

Qr=—5,(U~D) ®)

The representation of the surface is an important aspeaimadel forced from below. While
it would be possible to develop an idealized boundary lageese along the lines of Frierson

et al. (2006), we have rather aimed here to make our modeiaksas possible to ZGV and to

7



180

181

182

184

185

186

187

188

189

190

191

192

193

194

195

196

197

198

199

200

201

202

203

minimize the number of external parameters, even if thatevdke destabilization in our model
unrealistically strong. First, we neglect the mass of théase, and assume that the shortwave
heating received by the surface is immediately communictiehe atmosphere via convective

and radiative fluxes. This leads to the following equatiartfie surface:
S= I:CONV‘F Us—Ds (9)

whereS s the effective solar heating (after accounting for theedtl), Fcony IS the convective
flux from the surface to the atmosphere &hglDs are the upward and downward infrared fluxes
at the surface. Additionally, we assume that the surfacetraasfer coefficienks is large enough
that we can také&s ~ T (0) and calculate the convective fliggony in the above equation using the
lowest model level temperature to estimBte Finally, we deposit all this flux at the lowest model
level: Qconv = Fconv/Az, whereAz is the vertical grid size of the lowest atmospheric levet an
prescind from a boundary layer scheme (other than coneeatijustment). The solar heating is
defined through the following analytical expression:

S= Sm—AStanh(M) (20)

oy

where §;, is the mean solar heating, which varies by a fact&S (AS < S;) over meridional

distances of ordewy .

a. Radiative constraint for this model

The radiative constrairtl = f(éz) provides a relation between the tropopause height and ad-
justed tropospheric stratification (assumed uniform) hsinat the outgoing longwave radiation
(OLR) I =U(0) is consistent with the horizontal transport problem. Thisalved numerically as
follows. For each stratificatio, we consider a range of possible values of tropopause heigtit,
for each of those heights we calculate the valuddandBs at the surface integrating downward
from the top. The tropopause height is determined by miration of |Us — B/, so that the lower

boundary condition is satisfied.
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Assuming that the domain depthr is much larger than all other heights (and takng- 1),
the heating formulation is defined by three different para@nse the absorber scale heidty, the
fictitious scale heighitl; and the optical depth at the surfae Dimensional analysis then shows

that the radiative constraint may be expressed in the form:

H B Ha »~ o\ 1/4
H_c = f (TS’H_C’GZHC <|—> ) (11)

Because of the large number of parameters appearing indlgeapliation formulation, the sen-
sitivity of the radiative constraint on external paramgtiermore complex than for the Newtonian
cooling model. Fig. 1 describes the topology of this comstrabtained from numerical calcula-
tions as described above. Panels a, b display the radiathatraintH = f(8,) in dimensionless
form as a function of the two dimensionless paramekygH. and 1. As with most heating
models, the tropopause height rises with increasing ti@tion. The radiative constraint is rela-
tively insensitive tars except in the small stratification limit, when the tropopabsight rises with
increasingrs. On the other hand, the sensitivity big is non monotonic, with the tropopause drop-
ping (rising) with increasing values of this parameter whiiiH. is larger (smaller) than about
0.5. The tropopause height always increases iith

An important property of the radiative constraint is itsepiress

_ OlogH
~ dlogb,’

(12)

which measures the local sensitivity of tropopause heiglstatification (see ZGV). Small values
of sy are associated with flat tropopause heights, while largeegaimply that the tropopause
height is very sensitive to changes in stratification. Figs.d display the sensitivity of steepness
on the external parameters. We can see that steepnessegeth stratification and witH, /He,
while it is fairly insensitive tars. Over the range of parameters considered, the largestsvafsg

(sy ~ 2) are obtained foHa/Hc ~ 1.4 andfB,Hc(0 /1)1/4 ~ 0.17. However, note that this value of
Sy is much smaller than obtained in ZGV for the Newtonian caplimodel, for whichsy — o in

the loose limit. There is not such thing as a ‘free-floatimgpbpause limit in this model.
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Finally, figs. 1le, f show the tightness of the radiative craist, defined as
6
T =1-— W(ZH)’ (13)

where6,r(H) is the radiative-equilibrium stratification at the tropapa. As discussed in ZGV,
this parameter measures how important is the vertical maasport for the mean state. When
7 is small the mean stratification does not differ much fromatee equilibrium, implying that
the dynamical adjustment is weak. In that limit, we expeet the radiative constraint will not
constrain much the flow and we refer to this as a ‘loose’ radiatonstraint. The opposite is true
when .7 approaches 1. Fig. 1 shows that there is a strong relatioveleet7 andsy, so that the
radiative constraint is loose when the sensitivity of tno@ase height on stratification is steep and

tight when the sensitivity is weak. The same was found folNB&tonian cooling model in ZGV.

3. Description of the control run

We choose the following combination of parameters, broesejtyesentative of the extratropical
troposphere, for our control simulatioi$, = 500 W/n?, AS = 300 W/n?, Ts = 4, Ha = 2 km,
He=7km, fp=10%s1, B=1.6x10"m1s1 gy = 1000 km. To ensure that our results are
not sensitive to resolution, this control simulation wageaed doubling the number of X and Y
gridpoints and increasing the number of vertical gridpolnt 50%, obtaining very similar results
to those shown below. Likewise, the climatology obtainegraging the last 300 days from a 600—
day simulation changes very little when the simulation ieeeged for an additional 2400 days.
Thus, all other simulations are only run for 600 days and ahihe standard resolution.

Fig. 2 shows some diagnostics for the control simulatioth@digh the circulation has a realis-
tic structure, it is also much stronger than observed andttmadry limit of Frierson et al. (2006),
with similar parameters. The latter is likely due to the drittaé¢rmal inertia in our model, which
uses a massless surface, though other differences in thelgttion, like the weak momentum mix-
ing in the absence of a boundary layer scheme, might alscgplale. On the other hand, the flow

is more realistic than for the Newtonian cooling simulasigmesented in ZGV. While the zonal
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flow in that study was characteristic of the Charney problamuynbounded jet), the baroclinicity
now has a finite vertical scale and the jet stream displayspaerutropospheric maximum (Fig.
2a). Above this level, the heat transport by the residualiéation exceeds the diabatic forcing of
baroclinicity and the meridional temperature gradienerses.

Other realistic features absent in the Newtonian modeligeh break in the thermal tropopause
over the jet stream regiéand a secondary eddy heat flux maximum in the upper tropospiibe
tropopause depicted in Fig. 2 was estimated applying the WWkit@rion (World Meteorological
Organization 1957) to the cooling temperatiigeas the lowest level at whichdT./dz drops to
and stays below K /kmover a Zkmlayer. As Schneider (2004) notes, there is nothing fundamen
tal about the WMO definition, which would not be expected taoriBaningful for all climates and
models. The application of this definition to our simulatiomwhich the heating is so different
from observed, may thus seem unwarranted. However, it igrappin Fig. 2a that the WMO def-
inition provides a good estimate for the thermal tropopaasehe stratification transitions from
typical upper tropospheric to lower stratospheric valuesiiad that height. We will show below
that the WMO criterion (when applied &) can actually capture quite well the variability of
tropopause height in our model when parameters are vaoedgdsons explained later. Another
important difference with the Newtonian cooling model is targerw’ 8’ to V@’ ratio observed
here, consistent with the steeper isentropic slopes fouadtbe lower troposphere.

Fig. 3 describes in some detail the vertical structure obiffyger troposphere-lower stratosphere
(UTLS) region averaged over the 'baroclinic zone’, definedehas the latitudinal band where the
vertically-integrated meridional eddy heat flux is withiA%26 of its maximum value (this is shown

in Fig. 5 for the control run). The UTLS region is more visilmeour model than in observations,

LAn important qualitative difference with observationshaittthe high tropopause is observed
over the region of baroclinic eddy generation (the regiothwurface westerlies and large eddy
heat flux) in our model, rather than being confined to the t®ps observed. A possible explana-
tion for this difference is that the jet maximum is extraiggb in our model, while in observations

the tropical forcing might displace the jet and tropopausak equatorward.
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presumably because of our use of a Boussinesq formulatiomaiticular, the wind maximum
and the thermal tropopause are separated by an unredlysticde region with roughly half the
mass of the tropospheric region below. The eddy vertical th@achanges sign above the level of
maximum wind (Fig. 3b), consistent with the change in tiltreé isentropic slope (the mixing slope
w68’ /V0’ and the isentropic slope are aligned when the eddies aréagliasatic and linear, see
e.g. Held and Schneider (1999)). This implies that positdy kinetic energy (EKE) generation
only extends up to the wind maximum, while the UTLS regionmspag from that level to the
thermal tropopause is a region of EKE destruction. Constistéh this, the simulated EKE peaks
near the wind maximum and decays aloft (Fig. 3c).

Attesting to the dynamical relevance of the wind maximungréhare other features in the
mean flow and eddy fluxes roughly collocated with it. The isgmt potential vorticity (PV)
gradient reaches a local maximum slightly below the wind imaxn (Fig. 3d), consistent with
the kinematic interpretation of the jet stream as a barpemixing, which gives rise to large
PV gradients at the tropopause (Greenslade and Haynes.2@@8gstimate the PV diffusivity
(shown in Fig. 3e) dividing the meridional PV flux by the méoidal PV gradient and define
the mixing barrier as the region where this diffusivity iddve some small, subjectively chosen
threshold (08 x 10° m?/s) — this barrier is shown shaded in all panels of Fig. 3. Figt&fws that
the PV fluxes vanish over that region and recover aloft, algiothey still remain much weaker
than in the lower troposphere. The non-monotonic behavidhe eddy PV flux results from its
baroclinic component, as the vertical Eliassen-Palm fu@’ /8, flattens locally over the barrier
(Fig. 3h) and its convergence weakens. The weakening ofdteelnic eddy PV flux can be traced
back to the upper-troposphere eddy heat flux maximum but &h@mnges in the stratification are
important for broadening this region with reduced PV flux. &dr with enhanced stratification
(Fig. 3h) collocated with the eddy heat flux maximum is praetiby the dynamical warming by
the residual circulation, which adopts a more verticalaéon above that level (Fig. 2d). The
change of character in the residual circulation is also egyan the isentropic mass flux (shown in

Fig. 3i averaged over the baroclinic zone and interpolatdueight coordinates), the pronounced
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kink at that level separating regions with fast and slow dienal flow.

Although the vertical eddy heat flux (Fig. 3b) and meridioeddly PV flux (Fig. 3f) are much
weaker above than below the wind maximum, these weak fluxesdeajor impact on the mean
state because optical depth is small and radiative timgs lawver the UTLS region. The former
mixes the tropospheric stratification over a deep regiog. (Bin) raising the thermal tropopause
(also included in all panels of Fig. 3) well above the wind maxm. The latter sharpens the PV
gradient at the jet maximum. This can be seen in Fig. 4, whidws the full 2D structure of
the PV flux over the UTLS region. Strikingly, the PV flux chasgaggn and becomes upgradient
collocated with and poleward of the jet stream maximum (asaleo been noted in the extratropical
troposphere, see Birner and Thompson 2011), so that thevaeehing of the PV flux in Fig. 3f
only really occurs in the meridional average. This meridiatipolar pattern is due to the eddy
momentum flux component of the PV flux (not shown). The PV flaches it maximum, positive
value near but slightly northward of the jet stream maximtims, pattern is such that the basic state
PV is decreased (increased) southward (northward) of themnuen and its meridional gradient
sharpens (Fig. 5).

Fig. 5 compares various tropopause definitions for our cbnin. As noted earlier, the thermal
tropopause is located much higher than the level of maximundwwvhich tops the region of
positive EKE generation. The isentropic circulation slayesvn above that level and displays a
kink, also shown in the figure. Interpreting the troposplasréhe region over which the isentropic
circulation drives the mean state off radiative equilibrischneider (2004) proposed a tropopause
definition based on the depth at which this circulation drimpa certain fraction of its maximum
value at each latitude. The height of the mass flux tropop&arseur control run is sensitive to
the specific threshold used but lies in general somewheweeketthe zonal wind maximum and
the thermal tropopause. Finally, the dynamical tropop&iséten defined in terms of a constant
PV surface in the real atmosphere. In our model, the thermopbpause is well approximated
by the 1 PVU surface. This value is smaller than typicallydusethe real atmosphere (and the

troposphere-stratosphere PV transition not as sharp,hootry due to the different structure of
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heating and density in our model.

Finally, we discuss the application of the radiative caaistrfor this simulation, which has
tightness.7 ~ 0.48 and is mapped with a filled circle in Fig. 1. Figs. 6a, b shbe vertical
thermal structure at the latitude of maximum meridional tieansport for this run in terms of the
cooling temperature and potential temperature. Fig. 6lwvstibat the stratification is not really
uniform: the fluid is weakly stratified at the surface and ¢hisralso a shallow, highly stratified
layer near the level of maximum zonal wind, as noted abovewdyer, the stratification is still
sufficiently different from radiative equilibrium that aaip transition is observed between the
tropospheric region with dynamically adjusted stratifimatand the stratospheric region in near
radiative equilibrium aloft. Since the dynamical adjustmi& stratification in the troposphere is
important for this simulation, it is not surprising that tragliative constraint works well, giving a
prediction in good agreement with the thermal tropopausgg.@a also illustrates why the WMO
criterion provides a reasonable estimate of the thermalopause for this run and, for similar
reasons, in the real atmosphere. Essentially, the smatlabptepth at tropopause levels implies
that a stratosphere in radiative equilibrium will be neastythermal (in our model, in terms of the
cooling temperature). A K/kmlapse rate threshold provides good contrast with this d¢mmdi
and is also significantly more stable than typical tropospheapse rates when the troposphere
is heated from below. The relevance of the WMO criterion fus tsetting is demonstrated in
Fig. 6¢, which shows that the WMO tropopause and mass fluopapse scale roughly linearly
over a broad range of parameters. In contrast, when thetisdenstraint is loose (Figs. 6d-f) a
thermal tropopause can no longer be defined and the WMOiorit&ils to capture the depth of

the isentropic circulation, as discussed in detail in sacdi.a.

4. Senditivity of tropopause height

We next discuss the sensitivity of tropopause height in cedl@hwhen external parameters are

varied. We study the sensitivity to the forcing changfg(=300, 500, 750, 1000, 1250 W/R)
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andAS (=100, 150, 200, 250300, 350, 400, 450 W/rf), the sensitivity to rotation changinfp
(=1,1.5,2,25,3,3.5,4, 510 *s 1) andB (=0.8, 1.2,1.6, 2, 2.4, 2.8, 3.2<10 1 Im~1s71), and
the sensitivity to the radiative parameters chandigg=1, 2, 3, 4, 5, 6, 7, 8 km)1s (=1, 2,4, 6, 8,
10) andH, (=6, 7, 8, 9, 10, 11, 12 km). Only one parameter is changed at ea&) keeping all
others at their control values (in bold face). The simulaivaryingS,, are performed with and
without the convective adjustment scheme while the reshefsimulations are only performed
with convective adjustment.

The forcing is defined in our model by two parameters: the nteaiingS,, and the differ-
ential heatingAS. Zurita-Gotor and Vallis (2010) found that both parameteese important in a
two-level study using a simplified version of the continuguay radiation formulation described
here. AsSy,/ASwas increased in that model the ratio between vertical amitlinral eddy heat
transport also increased, which translates into a stespetropic slope when the eddies are quasi-
adiabatic. However, we have found our model to be much lesstsee t0S,, as illustrated in Fig.
7. As Sy increases there is some destabilization of the troposphetéhis is very weak, almost
imperceptible in Fig. 7a. The dominant stratification sigaactually an increase over the UTLS
region that makes the tropopause drop, consistent withettiative constraint. The reason for the
insensitivity of the tropospheric stratification is thatemt,, increases, the bulk of the increased
vertical heat transport is accomplished by the infraredataa flux (Fig. 7c), implying that the
vertical destabilization and the eddy vertical heat fluxdtle (Fig. 7b). The only exception is
the surface boundary layer, a region over which the vertiaakport by the convective adjustment
scheme (Fig. 7d) is both important and dependerggnThe results are very similar when these
simulations are repeated turning off the convective adjest scheme (Figs. 7e, f), except that
the vertical heat flux by the resolved convective motions talves up the vertical heat transport
carried by the convective adjustment scheme before. Hawthre only impacts the stratification
over a very shallow surface layer. We thus conclude that tfoag sensitivity toS,, displayed
by the simple model of Zurita-Gotor and Vallis (2010) is wdigtic due to its neglect of infrared

radiative feedbacks and use of a fixed (deep) convectivéndept
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Fig. 8 explores the sensitivity of the various tropopaudendmns introduced in section 3 to
changes in other external parameters in the model. We ophgsent the height of maximum
zonal wind (dashed line with square markers) in that figuoe,note that the level of maximum
isentropic PV gradient and the kink in the isentropic mass $icale well with this height, with
the following two exceptions. For moderate to larigehere is no PV gradient maximum over the
UTLS region and the isentropic mass flux no longer exhibitisik. kAdditionally, while the level of
maximum wind and PV gradient increases whth (Fig. 8d) the height of the isentropic mass flux
kink exhibits no variations (not shown). Fig. 8 shows thatlgvel of the wind maximum is largely
controlled by the radiative scale heightsandH,, changing relatively little with other parameters.
In contrast, the thermal tropopause (broad dark grey lind)the mass flux tropopause (light grey
band, encompassing regions where the isentropic flux isiw#hl0 to 20 % of its maximum)
also increase witlidc but are sensitive to other parameters as well. The thernthhaass flux
tropopause definitions generally scale well with each ofbee also Fig. 6¢) though the thermal
tropopause may not be well defined for all radiative pararsete

Fig. 8 also compares the sensitivity of the thermal and masstfbpopause estimates with
predictions based on the radiative constréint H;,q(6;) (solid) and the dynamical constraint of
marginal criticality (dashed). The latter essentiallyuiegs that the tropopause height scales as the

Charney height (Held 1978, see ZGV for more details):

___foa®
H=h= B 3,0 (14)

All estimates and predictions represent meridional avesagyer the baroclinic zone defined
in the previous section. Additionally, we use troposphexierages (from the surface to the 0.2
mass flux isoline) to estimate characteristic meridional @ertical temperature gradients. Since
estimates based on tropospheric averages incorporateniation on the simulated tropopause

height and may bias our assessment of the predfgtaesalso plot in Fig. 8 with thin solid/dashed

’Because the stratification typically increases with heiglspurious increase in our estimate for

tropopause height will tend to bias the tropospheric awesatification to larger values, which
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lines predictions based on the local gradients at a fixechhefd km(for clarity, these fixed-height
estimates are only included in those panels where they amaekdinformative).

Fig. 8a shows that the thermal and mass flux tropopause éstinmecrease uniformly with
differential heatingAS. This tropospheric expansion is in good agreement withiptieds by
the radiative constraint (solid lines), as tropospheniatsication (both vertically integrated and
at a fixed level) increases with differential heating. Inttast, the marginal criticality predictor
clearly fails to reproduce the simulated sensitivity opimpause height, as the tropospheric average
isentropic slope decreases with increasing differengating. This is partly due to the bias in the
estimate noted eatrlier, as the isentropic slope at fixechheiganges little with/AS between the
top of the boundary layer and the wind maximum. However, avign this convention marginal
criticality fails to explain the simulated increase in topause height. On the other hand, the
tropopause height is only weakly sensitivefgoand 8 (Figs. 8b, c), which is in good agremeent
with the radiative constraint prediction because the ifitation changes little in these runs. In
contrast, the marginal criticality condition would pretdiarge variations in the tropopause when
fo andp areindependentlyaried, which is not observed in our simulations.

Finally, we discuss the sensitivity of tropopause heigldianges in the radiative parameters
Ha, Hc and 7s. Note that though the WMO tropopause was found to be releicarall previ-
ous simulations using realistic radiative parameterssdme may not be true when the radiative
parameters are varied. This is for instance the case witfe lealues oH, (Fig. 8d): while a
tropopause can still be defined in that limit using the WMQ@ecion, this tropopause is very high
up in the atmosphere and apparently unrelated to the deptiedfirculation. Likewise, Fig. 8f

suggests some divergence between the mass flux and theop@baiuse for larges. The sensitiv-

would produce some semblance of agreement with the raéliatimstraint even when the mean
state does not change. The reverse is true for the margitiehlity prediction that the tropopause

height scales with the isentropic slope: since this slopiefia with height, the mean tropospheric
isentropic slope will decrease when using a larger tropspaeight, producing a fictitious anticor-

relation.
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ity of tropopause height is very simple whelg (Fig. 8e) orts (Fig. 8f) are varied. All tropopause
estimates, including the wind maximum, increase lineaith M. (which may be interpretad as a
vertical height rescaling), while the sensitivity oyis weak due to our linearization of the emission
law. The radiative constraint works well in both cases butgimal criticality only really works
whenHc is varied. In contrast, the sensitivity iy is much more complex. The simulated mass
flux tropopause exhibits non-monotonic variations, rigigigppping) withH, for moderate (large)
values of this parameter. This is consistent with the siitgitisplayed by the radiative constraint
(Fig. 1a) and indeed, the prediction based on that constisain qualitative agreement with the
simulated variations, while the marginal criticality prettbn is essentially anticorrelated. How-
ever, note that the opposite is true when fixed-height grasliare used to compute the estimates
(thin lines), which suggests that changes in the verticattire are important whet, is varied.
Another indication of these complex changes in verticaldtire is that the height of the mass flux
kink and the level of maximum wind/PV gradient no longer e¢dabether: only the latter increases

with Ha, while the former remains roughly constant (not shown).

a. Aloose limit

The dependency of tropopause height and the predictorsangel in the forcing and rotation
is very similar to that reported in ZGV using Newtonian hegtfor the strongly destabilized set
(6,0 = —20 K/km). In contrast, the set with,yg = 0 K/km in that paper showed some tendency to
adjust to marginal criticality. It was argued in ZGV that ttiéferent behavior between both sets
was due to the fact that the radiative constraint only presvéire adjustment to marginal criticality
for large vertical heat transport, when this constrainightt Specifically, the control run in ZGV
had.7 = 0.27, compared ta = 0.71 for theB, = —20 K/km simulation. Our control simulation
has tightness” = 0.48.

To test the robustness of the concepts introduced in ZGV, ave lised guidance from Fig.
1 to choose radiative parameters conducive to a loose rag@instraint. This can be achieved

by considering unrealistically large absorber scale hsighigs. 6d, e show the vertical structure
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of the cooling temperature and potential temperature famalation with Hy = 8 km (mapped
with a filled triangle in Fig. 1), which has tightness ~ 0.28. Consistent with this low tightness,
the radiative equilibrium and adjusted profiles are almodistinguishable now, making it diffi-
cult to identify the tropopause visually. Physically, tleiscurs because with this large value of
Ha the atmosphere is no longer optically thin at tropopauselseand the lower stratosphere is
no longer isothermal. Thus, the transition to radiativeil@zium occurs at lapse rates of about
4.5 K /km, poorly differentiated from typical tropospheric laps¢esin that region. The WMO
lapse rate threshold ofR/km, though reached higher up in the stratosphere, is no loe¢mrant
for tropopause height in this setting, as illustrated byldéiok& of correlation between the mass flux
and thermal tropopause when non-radiative parameteresiaedl in Fig. 6f.

Fig. 9 describes the sensitivity of tropopause height tmgka in the forcing and in rotation for
this setting. In these simulations the isentropic mass fasawery long tail, with the 0.1 isentropic
mass flux isocontour separating widely from the 0.2 isoaanfo.f., Fig. 8d) and becoming very
noisy. Since the thermal tropopause is not well defined n@wise the 0.2 mass flux isocontour
as our best reference for the simulated tropopause heightth€®other hand, the wind and PV
gradient maxima also move high up and are differentiated tiee level of the mass flux kink (both
are now shown in Fig. 9). Given the complexity of the vertsalicture and the lack of definition
of the tropopause, the comparison with the radiative andyimalr criticality constraints must be
made with caution. With these caveats, Fig. 9 suggests thae whe radiative constraint still
works qualitatively, marginal criticality works a bit bettnow than with the control setting. Our
results are summarized in Fig. 10, which compares the preel&kill of the radiative and marginal
criticality constraints for both sets using scatterplof&e mass flux tropopause and radiative
constraint estimate are positively correlated in bothregtt though the scatter is larger when the
radiative constraint is loose. On the other hand, the matginticality estimate is negatively
correlated with variations in tropopause height in the margetting and positively correlated in
the loose setting. However, note that even in that case namwjiticality tends to overestimate the

simulated variations in tropopause height.
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5. Discussion and Conclusions

The height of the tropopause is, in general, determined lyrdomation of diabatic forcing and
essentially adiabatic dynamical effects related to thétpluf the fluid to transfer heat sideways
and upwards by a combination of baroclinic eddies and cdiorec One would like to under-
stand and even predict whether diabatic or dynamical (tcausenvenient shorthand) effects are
more important in practice, and to this end Zurita-Gotor ®allis (2011) proposed a theoretical
framework for understanding the relative roles played tgytthio effects. In this framework, the
effectiveness of diabatic forcing manifests itself thriotige flexibility of the radiative constraint —
the constraint that must be satisfied to satisfy the radiditalget at the top of the atmosphere. If
the radiative constraint is ‘tight’, meaning that small sfes in the tropopause height would lead
to large changes in outgoing radiation, then the tropophasght is effectively constrained by the
thermal forcing. On the other hand, if the constraint is decthen dynamical effects are allowed
a larger role. ZGV explored these ideas using an idealizedkineith Newtonian cooling. In this
study we further extend and test the ideas using a model wgtlayaradiation scheme instead of
Newtonian cooling, with the goal of understanding whetherradiative constraint is an effective
one in a more realistic setting.

There are, of course, many possible definitions of the trapse, differing both in detail and
in concept. From the point of view of the radiative constraine most appropriate definition, and
perhaps the most widespread in meteorology, is the therefigigon: the level at which the strat-
ification transitions from typical tropospheric to straiberic values. The WMO criterion (World
Meteorological Organization 1957) is a particular casentf tlefinition, appropriate when the op-
tical depth is small at tropopause levels and the lowercgpdtere is near isothermal. However,
it is not always possible to define a thermal tropopause lsecausome heating regimes, particu-
larly when the radiative constraint is loose, there is nokeaistratification contrast separating a
‘troposphere’ from a ‘stratosphere’, yet the lower atmasphthe troposphere, is distinct from the
stratosphere above by the presence of non-negligibledrazmass fluxes. This suggests that a

mass flux definition (the depth of the isentropic circula}isna more robust measure and we use

20



5

o

s that definition to probe the sensitivity of tropopause heaghexternal parameters. This tropopause

o definition scales well with the thermal tropopause for theggmes in which the thermal definition

5

(=3

o IS applicable.

5

=

Using the mass flux definition, our main results may be sunwredras follows.

5

=
=

The predictions of thedealizedradiative constraint are, in general, in good agreemett wit

512

513 the simulated sensitivity of tropopause height when exiigsarameters are varied.

514 e Depending on the radiative parameters, the constraint reayght and involve a signifi-
515 cant adjustment of the tropospheric stratification andsequoently, a well-defined thermal-
516 tropopause, or it may be loose and produce a poorly defined/@hen the constraint is tight,
517 it provides the most useful and quantitatively accurateligtens of tropopause height.

518 e The flow does not appear to adjust to marginal criticalityeptdn the loose limit. In this
519 limit, our results are less clear than with the Newtonian eldécause of the ambiguity in
520 defining the tropopause with a more complex vertical stmgétu

521 e The gray radiation formulation produces a tight radiatigastraint for typical radiative pa-
522 rameters.

523 Overall, the results presented here and those of ZGV sudigasthe surface destabiliza-

s« tion / strength of required vertical transport is a key aspgdhe heating formulation insofar

3Despite their comparable values of tightness, the vertieat transport is much larger for our
loose run than for the loose limit of the Newtonian coolingdelp with the vertical heat transport
only weakening by a factor of 1.5 when going from the tighthe toose limit, compared to a
factor of 7.5 in the Newtonian cooling model. As a result, éitgustment to marginal criticality
might not be as prevalent for the loose limit of this model @sthe Newtonian heating model.
Because radiative timescales are very large in the uppeosphere in the gray radiation model,
tightness in this model is not as strongly tied to the striedthe lower troposphere vertical heat

flux (always large) as in the Newtonian cooling model.
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as tropopause height and supercriticality are concernled s&nsitivity of these parameters in the
Newtonian forcing model of ZGV is similar to that in the gragdration model only when the
Newtonian model is relaxed to a very unstable radiativeldgjiuim profile, but not when a con-
vectively neutral profile is used. The contrast betweenetles cases may seem counterintuitive
because when convection is much faster than baroclinisp@t, one might expect that relaxation
to a convectively adjusted state would produce similarlteso letting convection act in a strongly
destabilized setting. However, note that relaxing to anaéstate is equivalent to assuming that
the implied convective transport —the difference betwesaxing to an unstable and an adjusted
profile— acts all the time, whereas in reality convectiveg@ort only occurs sporadically when
the stratification becomes unstable. As a result, the dycewertical heat transport is much larger
when using an unstable than a neutral radiative equilibpuofile in the Newtonian model.

We finally note a few other interesting findings of our simigas, secondary to the main theme
of the paper, that deserve further study. The tropopausetste in our simulations displays a jump
from a high to a low tropopause as we move from the warm to tbéssde of the jet, even though
our model is dry and its tropical circulation shallow. Intfaur ‘tropical tropopause’ penetrates
deeper than convection, see Fig. 2a. This seems consistanmesent modeling results by Haqqg-
Misra et al. (2011), who argue that the observed subtropiopbpause break in the atmosphere
is produced by the eddies and does not require moisture. drheafion of the tropopause break
is probably best understood in terms of potential vortieitixing by the eddies (Haynes et al.
2001). Since the jet maximum represents a barrier to PV mjx{arge horizontal PV gradients
develop there, with the result that PV contours become atigquasi-vertically over that region
instead of horizontally as is typically the case away from jit (see e.g. the 1 PVU isoline in
Fig. 5). The meridional wind curvature is important for the Bradient at the jet location but
as we move away from the jet to regions with negligible re&tiorticity, the anomalously high
(low) potential vorticity on the cool (warm) side of the jeust be associated with anomalously
high (low) stratification. This is why the break in the thefrtmapopause in our model tends to be

located poleward of the jet maximum, though its precisetloods sensitive to the lapse rate used
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in the definition of the thermal tropopause.

The aforementioned anomalous stratification is createtidydsidual vertical velocity, which
cools (warms) the UTLS region on the warm (cool) side of therpgsing the thermal tropopause
over the former and lowering it over the latter, much as dised by Thuburn and Craig (2000)
and Birner (2010). The mixing barrier at the jet maximum play important role for this heating
pattern by shaping the topology of the residual circulatidhis is illustrated in Fig. 11, which
compares schematically the residual mass flux in circuiatigith and without a mixing barrier.
The first case corresponds to the Charney-like profile (unbed jet) discussed in ZGV. In the
absence of a wind maximum there is no mixing barrier: rattier,eddy PV flux (and hence the
residual meridional velocityx ~ —v'(// f) decreases uniformly with height as indicated by the
increasing spacing of the residual streamlines. No trope@dreak is found in this case. In
contrast, in the presence of a zonal wind maximum/mixingieathe eddy PV flux only weakens
locally and wave absorption recovers aloft (c.f., Fig. 3Mis implies that the residual streamlines
must divert around the wind maximum (middle panel of Fig.d4}he circulation closes above the
barrier, leading to a dipolar adiabatic heating patterntariie formation of a thermal tropopause
break. The full 2D picture is a bit more complicated. Instedd broad meridional region with
vanishing PV flux we observe a dipolar PV flux pattern, so thatheridional mean PV flux only
vanishes becasue of cancellations when averaging (FigTHg. implication is that the residual
meridional velocity also only vanishes in the meridiona¢rmage, as residual trajectories retract
back over the region with upgradient PV flux (lower panel af.Fil). Thus, the descending
flow is actually strongest over the barrier rather than paleWof it, consistent with the observed
downward residual flow at the edge of the Hadley cell. This fesdual circulation structure is
in excellent qualitative agreement with observations, Imclv a shallow reverse cell is also found
on the poleward side of the subtropical jet (c.f., Fig 1 inn®ir2010). This reverse cell is already
apparent in the pioneering study of Edmon et al. (1980) (s=efig. 6a), though to the best of our
knowledge this feature has received little attention inlitezature. The residual circulation just

described above, forced by the penetration of the tropogpbddies above the region of positive
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EKE generation, is reminiscent of the shallow componentheBrewer—Dobson circulation in the
real atmosphere (Plumb 2002). In contrast, the observegl stegtospheric circulation is forced
by stratospheric eddies and thus absent in our simple model.

There are some similarities between the dynamics desarilibd paper and the arguments of
Robinson (2006) for the self-maintenance of midlatitude. jRobinson argues that an eddy-driven
jet is self-maintained (in the sense that the net effect efettidies is to reinforce the temperature
gradient responsible for their generation) when the uppei IPV absorption has a local minimum
over the baroclinic zone. Then, the temperature gradielocally sharpened by the residual cir-
culation over the generation region and smoothed on the sidehe eddies propagate away from
that region. Robinson shows that whether a jet is self-raaiatl or not is strongly linked to the
formation of an extratropical upper level wind maximum ghist from the subtropical jet which,
in the context of this paper, we might associate with the &drom of a mixing barrier over the
generation region. Interestingly, Robinson’s argumepyahere not only in a meridional sense,
but also vertically. In particular, the penetration of trepbspheric eddies above the mixing barrier
into the region of EKE destruction also produces a dipolaflg¥X patternin the vertical direction
in our model (Fig. 4). This pattern is associated with thekeeag/reversal of the residual circu-
lation at the jet stream level and its strenghening alofe @hhanced vertical residual flow above
the barrier leads to the reversal of the temperature gradiehthe vertical sharpening of the jet as
in Robinson’s conceptual model. Also in agreement with Rebn (2006), this sharpening mech-
anism requires that the eddies are sufficiently strong. WA&is reduced in our model, the upper
level wind maximum broadens vertically (not shown) and éwvalty disappears when baroclinicity
is sufficiently weak (see line with square markers in Fig. 8a)

We end with a caveat. In spite of using a gray radiation schemwmemodel is not realistic in
some respects. In an attempt to model a semi-infinite fluidwmathat does not (for simplicity)
directly involve a density scale height we have used a Baessi fluid. However, we still use
a cooling temperature, related to the real temperaturaigira ‘fictitious scale heightHc), to

calculate infrared emission in our gray radiation moddiéotvise the model would convect to the
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top). Interestingly, this scale, which we may interpretlas depth over which infrared emission
is efficient in cooling off the atmosphere, was found to be mpartant parameter controlling
tropopause height in our model. We expect that the samedbeulrue in the real, compressible

atmosphere.
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List of Figures
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Radiative constraint for the gray radiation model. (a)pbjpause height as a func-

tion of stratification wherH,/H. is varied; (b) Same whery is varied; (c, d) As

(a, b) but for the steepeness of tropopause height; (d, exAs put for the tight-
ness of the radiative constraint. The circle and trianglekera map the control
simulation and a simulation witH; = 8 km, respectively.

Description of the equilibrium state for the control rua) ean zonal wind (thick)
and potential temperature (thin); (b) Meridional eddy Haat; (c) Vertical eddy

heat flux; (d) Stratification (shading) and residual cirtiola(contours). Contour
intervals are indicated in panel titles and the thermaldpguse is shown with
thick line in all panels.

For the control run, vertical profiles averaged over thetaric zone of: (a) zonal

wind; (b) vertical eddy heat flux; (c) eddy kinetic energy) (&entropic potential

vorticity gradient; (e) empirical eddy diffusivity; (f) @si-geostrophic eddy PV
flux; (g) vertical Eliassen-Palm flux; (h) stratification;da) isentropic mass flux,
interpolated to height coordinates. The shaded band enzglsathe region with

small diffusivity (see panel e) and the dash-dotted linécaies the location of the
thermal tropopause.

2D structure over the UTLS region. The shading shows thsigeastrophic PV

flux (with the zero contour thick-dotted), the black contire zonal-mean zonal
wind and the white contours the residual circulation. Thacklthick line is the

thermal tropopause.
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Comparison of various tropopause definitions for the @bmtm. The thick solid,
dotted and dashed lines show the thermal tropopause, thardgal tropopause
(2 PVU isoline) and the level at which the isentropic mass flisplays a kink
(implying a slowdown of the circulation aloft). The shadedion defines the mass
flux tropopause as the region where the isentropic mass flopsdio the range
of 10 to 20% of its maximum value at each latitude and the smictours show
isolines of the isentropic potential vorticity gradienbistrating the formation of

a mixing barrier. We also show for reference the locatiorhefgurface westerlies
(SW) and the region with large eddy heat flux (LHF) used to @etie baroclinic
zone in our diagnostics. 36
(a) For the control run at the latitude of maximum merididmeat flux: cooling
temperaturd; simulated by the model (thick solid), in radiative equiiibm (thin
dashed) and in the radiative constraint idealization ktheshed); (b) Same but for
potential temperature. We indicate in both panels the WMpdpause, the mass
flux tropopause (0.1 or 0.2 mass flux isolines) and the tropepaeight predicted
by the radiative constraint (RC). The surface radiativelgagium temperaturéX&
associated to the thin dashed profile is also shown. (c)&péit of the WMO
tropopause against the mass flux tropopause defined usir®) (&lled marker)

or 0.1 (empty marker) threshold, when the parameters itetida the legend are
varied. (d-f). As a-c but for the loose simulation whlz = 8 km 37
For the simulations varyin§,: (a) mean stratification; (b) vertical heat transport
by the resolved eddy fluxes; (c) radiative infrared heat f{dxjnferred heat trans-
port by the convective adjustment scheme; (e, f) as (a,b)rbsimulations run
without convective adjustment. The thermal tropopauseasve with broad grey
line, the mass flux tropopause (0.2 isoline) with thick stihé and the radiative
constraint prediction with thick dashed line. Contour mgds are displayed in

panel titles and th&,, variations simulated are indicated by the horizontal grid. 38
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Sensitivity of tropopause height and radiative and dyeahpredictors when (a)

AS, (b) fo, () B, (d) Ha, (e) Hc or () 15 are varied. The broad dark grey line
indicates the thermal tropopause, the light grey band ttesriax tropopause (re-
gion where the isentropic mass flux is between a 10 and 20% ohdximum),

and the dashed line with square markers the height of the miadmum. The
solid line gives the radiative constraint prediction usaiiper an averaged tropo-
spheric stratification (thick solid), or the local stratiion at a fixed level (thin
solid, not shown in all panels). The thick and thin dasheedishow the same for
the marginal criticality prediction. The control value @iol parameter is indicated
with a vertical axis line. 39
Sensitivity of tropopause height and radiative and dyweahpredictors wittH; =
8kmwhen (a)AS, (b) fo, and (c)B are varied. The broad light grey line indicates
the mass flux tropopause (0.1 isocontour), the solid linerdldéative constraint
prediction and the dashed line the marginal criticalitydocgon (thick or thin as

in Fig. 8). We also show the height of maximum wind (dashed With square
markers) and the level of the kink in the isentropic mass filastied line with
diamond markers) 40
(a) Scatter plot of simulated mass flux tropopause (0&isour) against the ra-
diative constraint prediction for the control set, when plaeameters indicated in

the legend are varied; (b) Same but for the marginal criticakediction. (c), (d)

As a, b but for the loose setting witt, = 8 km 41
Schematic illustrating the vertical structure of zonedchand eddy PV flux and the
topology of the residual streamlines: (top) 1D picture vathunbounded jet and

no mixing barrier; (middle) same but with a jet stream maxmmand a collocated

mixing barrier; (bottom) 2D picture in the presence of a thp®V flux pattern. 42
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FIG. 7. For the simulations varying,: (a) mean stratification; (b) vertical heat transport by the
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tropopause, the light grey band the mass flux tropopaus®(redhere the isentropic mass flux is
between a 10 and 20% of its maximum), and the dashed line githre markers the height of the
wind maximum. The solid line gives the radiative constrairgdiction using either an averaged
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shown in all panels). The thick and thin dashed lines shows#éme for the marginal criticality

prediction. The control value of each parameter is indatateh a vertical axis line.
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FIG. 11. Schematic illustrating the vertical structure of Zonand and eddy PV flux and the
topology of the residual streamlines: (top) 1D picture vathunbounded jet and no mixing barrier;
(middle) same but with a jet stream maximum and a collocatethmbarrier; (bottom) 2D picture
in the presence of a dipolar PV flux pattern.
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